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Pressure variationsRecent work on mineral reactions and microstructures in metamorphic rocks has focused on forward modelling
of phase equilibria and on their description through chemical potential relationshipswhich control mass transfer
in rocks. The available thermodynamic databases and computer programs for phase equilibria modelling have
signiﬁcantly improved the quantiﬁcation and understanding of geodynamic processes. Therefore, our current
methodological framework seems to be satisfactory. However, the quantiﬁcation approaches in petrology
focus on chemical processeswith oversimpliﬁedmechanics. A reviewof the recent literature shows thatmechan-
ical effects in rocks may result in the development of pressure variations even on a hand specimen or grain scale.
Such variations are critical for interpreting microstructural and mineral composition observations in rocks.
Mechanical effects may inﬂuence element transport and mineral assemblage in rocks. Considering the interplay
of mechanical properties and metamorphic reactions is therefore crucial for a correct interpretation of micro-
structural observations inmetamorphic rocks aswell as for quantiﬁcation of processes. In this contribution, argu-
ments against pressure variations are inspected and disproved. The published quantiﬁcation procedure for
systems with grain-scale pressure variations is reviewed. We demonstrate the equivalence of using Gibbs and
Helmholtz energy in an isobaric system and go on to suggest that Gibbs free energy is more convenient for sys-
tems with pressure variations. Furthermore, we outline the implications of the new quantiﬁcation approach for
phase equilibria modelling as well as diffusion modelling. The appropriate modiﬁcation of a macroscopic ﬂux for
a systemwith a pressure variation is derived and a consequence of usingmass ormolar units in diffusional ﬂuxes
is discussed. The impact of ignoring grain-scale pressure variations on geodynamic modelling and our under-
standing of the processes in the Earth’s interior is assessed. We show that if a pressure variation is overlooked,
the error in depth estimates from crustal metamorphic rocks could be as large as the thickness of the crust.
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Fig. 1. a) Crossed-polarized light photomicrograph of graphite inclusion in diamond
and b) Raman map of the same area portraying the distribution of remnant internal
pressure - the blue-black region based on the frequency of the LO-TO photon (modiﬁed
from and see Nasdala et al., 2005 for details). c) Intergranular coesite with thin rim of
quartz (modiﬁed from Yang et al., 2014). Abbreviations: gr = graphite; dia = diamond;
omph= omphacite; grt = garnet; coe = coesite.
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Many phenomena in the Earth’s interior can be explained bymineral
reactions and phase transformations. Mineral reactions greatly affect
the physical properties of Earth materials and impose ﬁrst order con-
trols on geodynamic processes. Differences in mechanical properties
due to reaction, such as relative differences in viscosity between
magma and the rock from which it melts, may reach over ten orders
of magnitude (e.g. Cruden, 1990; Dimanov et al., 2000; Rosenberg and
Handy, 2005). High mechanical strength may suppress reaction associ-
ated with large volumetric changes, thus preserving rock history and
properties (Liu et al., 1998; Morris, 2002, 2014; Mosenfelder et al.,
2000; Schmid et al., 2009; Zhang, 1998). Recent observations show
that mechanically maintained pressure variations can be signiﬁcant
even on a micro-scale. Current analytical and imaging techniques
allow direct investigation of minerals under residual pressure
(Fig. 1a,b; Howell, 2012; Howell et al., 2010; Nasdala et al., 2005).
High residual pressures (GPa level) are still present in rocks at ambient
conditions, for example the ultrahigh pressure mineral, coesite, is pre-
served as inclusions in garnet at the Earth’s surface (Parkinson, 2000),
as well as residual pressure in quartz inclusions in garnet (e.g.
Enami et al., 2007; see also Moulas et al., 2013, and references there-
in). Furthermore, few studies document that ultrahigh-pressure
(UHP) phases can be preserved even within a polycrystalline matrix
(Fig. 1c; Ji and Wang, 2011; Liou and Zhang, 1996; Yang et al., 2014).
Experimental studies also suggest a development of grain-scale
heterogeneous pressure as revealed, for example, by the coexistence
of low and high pressure SiO2 polymorphs in quartzite deformation
experiments (Hirth and Tullis, 1994). Given that the magnitude of
metamorphic pressure provides the key constraint (via depth of
burial) for geodynamic reconstructions of orogens, ignoring such
pressure variations in petrological analysis is likely to signiﬁcantly
inﬂuence the quality and general results of these reconstructions.
Metamorphic petrologists as well as structural geologists bring
important observational constraints for geodynamic models. If prop-
erly quantiﬁed and interpreted, fabrics and microstructures in rocks
provide fundamental constraints on lithospheric evolution. Howev-
er, in the context of complex rock fabrics and microstructures, appli-
cation of inappropriate quantiﬁcation approachesmay lead to ﬂawed
interpretations. The classical view of metamorphic microstructures
assumes fast relaxation of stresses (therefore constant pressure) as
well as constant temperature. In this case, chemical diffusion is the
only limiting factor in the thermodynamic equilibration of the mi-
crostructure (Ashworth and Birdi, 1990; Fisher, 1973; Joesten,
1977). The presence of zoned porphyroblasts, coronal structures
and spatially organized reaction zones thus points to the preserva-
tion of an apparent disequilibrium in the microstructures (e.g.
Carlson, 2002 and references therein). This classical view is limited
because it precludes the possibility that metamorphic microstruc-
tures involve mechanically maintained pressure variations. Several
quantitative studies have considered mechanical effects on mineral
reactions (Ferguson and Harvey, 1980; Fletcher, 1982; Fletcher and
Merino, 2001; Milke et al., 2009; Rutter, 1976; Schmid et al., 2009;
Wheeler, 1987). None of these studies focused on a mechanical con-
sequence for diffusion and the resulting chemical redistribution be-
tween and in minerals. Recently, Tajčmanová et al. (2014) focused
on a complementary scenario to the classical diffusion controlled
view, where fast diffusion is accompanied by slow stress relaxation.
They point out that chemical zoning in grains (e.g. of plagioclase)
surrounding a high-pressure phase (e.g. kyanite), associated with
decompression at high temperature (N700 °C), may reﬂect pressure
variations on that scale. Such a microstructure then need not be
interpreted as a preserved chemical disequilibrium (i.e. by sluggish
chemical diffusion) but can be fully quantiﬁed via appropriately
modiﬁed equilibrium thermodynamics. The importance of mechani-
cal effects on metamorphic reactions has also been suggestedrecently in the context of nonhydrostatic thermodynamics (Wheeler,
2014). Wheeler (2014) endeavours to show that the effect of differ-
ential stress on the inferred pressure conditions, under which a meta-
morphic reaction takes place, can be as dramatic as several GPa.
However, this theory contradicts the available experimental data and
its feasibility is discussed below.
Whereas observational and theoretical results obtained so far
have provided insights into the interplay between deformation
and mineral reaction, recent developments in conceptual models
have opened new horizons in understanding mineral reaction
mechanisms in the Earth’s lithosphere. It is timely that these latest
breakthroughs in considering metamorphic microstructures, in
particular involving grain-scale pressure variations, are reviewed
here.
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2.1. Pressure and stress in space and time
Stress has dimensions of force per unit area. At every point of a body,
a unit area can be speciﬁed in terms of the direction of its normal vector.
Stresses acting on differently oriented unit areas at the same point of a
solid need not be equal. On the other hand, pressure being an average
over directions of normal stresses acting at a point of a solid body is
direction independent (Fig. 2a). A solid body can be under hydrostatic
conditions if all stresses applied on it are equal in magnitude and nor-
mal to its surface (Fig. 2a). If stresses acting on the body are different
in different directions, then the material is under nonhydrostatic stress
(Fig. 2b). In the absence of shear stresses (i.e., when coordinate axes are
parallel to the principal stress axes), the difference between the maxi-
mumandminimumvalues of normal stress, i.e.σxx andσyy, is the differ-
ential stress (σd). Differential stress controls deformation (change of
shape), whereas mean stress is associated with volume change.
In the simpliﬁed scenario portrayed in Fig. 2a, it is assumed that the
state of stress is homogeneous and density is constant within the body.
Static ﬂuids have zero differential stress. Such ﬂuids are in static equilib-
rium (subjected to gravity only) and their pressure can be calculated
from the hydrostatic formula (P= ρgh). Similarly, if rocks are assumed
to have a negligible differential stress, pressure is lithostatic (inﬂuenced
by gravity only) and the hydrostatic formula can be applied to them as
well. The maximum differential stress that rocks can sustain is related
to their strength. One of the important factors that can signiﬁcantly inﬂu-
ence the rock strength is the presence of porous ﬂuids that can result in
hydro-fracturing. Hydro-fracturing inmetamorphic rocks led to the inter-
pretation that the whole lithosphere is not able to support differential
stresses larger than 20MPa (Etheridge, 1983). Such a viewof rocks is con-
venient because the pressure obtained fromgeobarometric estimates can
then be directly converted to depth via the lithostatic formula (P= ρgh)
and thus have a direct application in geodynamic models.
However, the question arises whether the lithostatic assumption is
always applicable. In fact, the spatial distribution of pressure in the
lithosphere is not only likely to be heterogeneous but also changes
with time. Metamorphic rocks evolve in static conditions and also
during deformation as reﬂected by their microstructures. Grain-scale
heterogeneous pressure patterns have been documented in petrology
studies, in situ, as noted above (Fig. 1). Therefore, the actual pressure
(the mean normal stress) may deviate from the lithostatic pressure by
a positive (overpressure) or a negative (underpressure) magnitude
(e.g. Mancktelow, 2008).
2.2. A paradigm shift regarding lithostatic pressure
Tectonic overpressure has been mostly suggested for the formation
of high to ultrahigh-pressure (UHP) rocks (e.g. Chopin, 1984; Rutland,
1965; Smith, 1984). The main motivation for this was the lack ofFig. 2. Simpliﬁed sketch of a 2D body under a) hydrostatic stress (meaning homogeneous stress
refer to the coordinate frame. σxy and σyx are stresses applied parallel to the surfaces, i.e. sheastructures and rock mass which would explain the depths implied by
thermodynamic pressure given by geobarometry (Bailey et al., 1964;
Brace et al., 1970). However, qualitative arguments to discount over-
pressure have been enumerated at various times (Brace et al., 1970;
Green, 2005; Schreyer, 1995). The most common reasoning against
tectonic overpressure is that rocks are weak (i.e. can sustain only low
differential stress) and thus cannot sustain large pressure variations.
Because such a statement seems to be critical for our correct under-
standing of Earth processes, we examine its legitimacy below.
The coesite-bearing quartzite from Dora Maira in the Alps opened a
discussion whether the presence of UHP minerals may be a result of a
micro-scale intracrystalline tectonic overpressure or rather a result of
a homogeneous lithostatic pressure during deep subduction (e.g.
Chopin, 1984; Smith, 1984). Schreyer (1995) claimed that a rock that
contains weak minerals such as micas or talc cannot hold overpressure
during its prograde evolution because it is weak. The phases (coesite
and diamond) were thus interpreted to be actually formed at UHP
depths (e.g. N70–80 km), as given by the lithostatic formula (P =
ρgh), and preserved only when entrapped in strong host minerals
such as garnet, during decompression from those conditions. Similarly,
Brace et al. (1970) argued that the degree of overpressure depends on
the rock’s strain rate and temperature. Even though their experiments
on metagreywacke showed differential stresses up to 1 GPa, they
suggested that rocks in nature have practically no strength due to reac-
tions taking place in them. In fact, this suggestion was not supported by
their experimental results. Interestingly, recentwork on the rheology of
omphacite aggregates shows that these minerals can sustain GPa-level
stresses as shown by micromechanical-based extrapolations to geolog-
ical conditions (Moghadamet al., 2010), not inconsistentwith the Brace
et al. (1970) experimental data. Another indication of signiﬁcant rock
strength may be obtained by stress drop estimates from deep earth-
quakes. Natural observations of faulting associated with pseudo-
tachylite formation were used by Andersen et al. (2008) to infer stress
drop during intermediate to deep earthquakes in an Alpine subduction
setting. Their minimum estimates suggest that upper mantle rocks can
sustain differential stress of at least 0.22–0.58 GPa.
Green (2005) was another proponent of the lithostatic pressure
view. However, the arguments based on nonhydrostatic thermodynam-
ics (e.g. Kamb, 1961) referred to in his work are contradictory. He
attempts to invalidate overpressure by a qualitative contemplation of
different mineral interfaces being connected with a different stress dis-
tribution. Such a heterogeneous stress distribution then inﬂuences the
crystallization of phases based onwhich stability ﬁeld the normal stress
places them. This actually supports the idea of grain-scale pressure var-
iations rather than being an argument for the lithostatic view. Similar
variations have been claimed recently by Wheeler (2014) where it is
suggested that the large impact of nonhydrostatic stress on phase equi-
libria clearly rules out the pressure to depth conversion approach
defended by Green (2005). Alternatively, Ji and Wang (2011) used the
concept of interfacial friction-induced pressure to explain the largestate), b) nonhydrostatic stress. Pressure is deﬁned asmean stress. The subscripts x and y
r stresses.
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intergranular coesite.
On a geodynamic scale, the lithostatic view is inconsistent with the
horizontal force balance needed to support mountains and their roots
(Molnar and Lyon-Caen, 1988; Schmalholz et al., 2014a, see also
Turcotte and Schubert, 2002, page 136). Petrini and Podladchikov
(2000) showed that in homogeneous crust, overpressure can be as
large as the lithostatic load if strong lithologies are involved (i.e. rocks
that can sustain large differential stress). Furthermore, Petrini and
Podladchikov (2000) model for lower crustal rocks with zero differen-
tial stress (simulating an inﬁnitely weak rock) also shows a noteworthy
deviation from lithostatic conditions. These results are also supported
by studies that quantify the overpressure in subduction channels
(Burg and Gerya, 2005; Gerya et al., 2008; Li et al., 2010; Mancktelow,
1995). Recently, lithospheric-scale dynamic modelling has been per-
formed that further questions the “weak rock” idea (Schmalholz and
Podladchikov, 2013). Their modelling implies large-scale pressure het-
erogeneities during lithospheric shortening. During the formation and
weakening of crustal-scale shear zones, the pressure (mean stress) in
the shear zones increased, while the differential stress decreased, so as
to maintain a horizontal force balance. More speciﬁcally, if differential
stress becomes negligible, a rock has to change its pressure to maintain
the total force balance (see Fig. 3 and explanation in section below). This
invalidates all of the qualitative statements above (e.g. Brace et al., 1970;
Green, 2005; Schreyer, 1995). Moreover, Schmalholz et al. (2014b)
could obtain overpressure corresponding to the coesite stability ﬁeld
even at middle crustal depths. The pressure variation predicted by the
model of Schmalholz et al. (2014b) is likely to be on outcrop-scale or
larger. However, the same force balance logic may be applied on a
grain-scale, as shown in the next section.2.3. Pressure variations on a grain-scale
The stress and pressure distribution at the contact of two strong
minerals separated by a weak phase can be considered in terms of a
horizontal force balance. Following Fig. 2b, the total stress applied to
the sides of the elementary volume has to remain constant across this
volume (Fig. 3a). The total horizontal stress is decomposed intoFig. 3. Schematic diagram showingpressure variations developed in aweak zone of a body
in the absence of shear stresses at the boundaries. a) In a small homogeneous elementary
volume the horizontal total stress (σxx, integrated over y) has to remain constant in order
to keep the horizontal force balanced. b) A weak zone (small deviatoric stress τxx) is con-
sidered to lie within the elementary volume considered in a). Theweak zone is character-
ized by the red ellipse. Then, pressure has to increase within the weak zone in order to
satisfy the horizontal force balance. The sign convention followed here is after Turcotte
and Schubert (2002, p.136; stress is positive in compression). The dashed line represents
a line alongwhich τxx and Phave been calculated. For the calculation of pressure and stress
ﬁelds around an elliptical weak zone see Schmid and Podladchikov (2003) and Moulas
et al. (2014).pressure (P) and the remaining part is the so-called deviatoric stress
(τxx).
σxx ¼ P þ τxx ð1Þ
The sign convention that stress is positive in compression is followed
(Turcotte and Schubert, 2002, p.136). If a weak zone is introduced in the
elementary volume (Fig. 3b), the deviatoric part of the total horizontal
stress drops. Therefore, to maintain the total horizontal stress constant,
pressure must increase in the weak zone. This is also valid for the large
scale tectonic overpressure, as shown by Schmalholz and Podladchikov
(2013).
If the setting from Fig. 3 is expanded into the thin section scale
where different mineral grains have different mechanical properties
(Fig. 4) the resulting stress and pressure can vary locally even within
a single grain. To illustrate this we consider a rock which is made of
three different minerals characterized by different viscosities
(Fig. 4a). The phases are considered to be vertically shortened lead-
ing to the development of heterogeneous stress and pressure pat-
terns (Fig. 4b, c). The result shows that small differential stress in
some minerals does not mean that rocks cannot sustain large over/
underpressure. Furthermore, due to very high viscosities of most of
the main rock-forming minerals, the viscous relaxation is assumed
to be very slow (Dabrowski et al., in press; Zhang, 1998). Therefore,
under the assumption of inﬁnitely slow viscous relaxation, the main
reason for maintaining the pressure variation is that the pressure/stress
state of theminerals is controlled by the force balance. Asmetamorphic
rocks are subjected to deformation (and thus differential stress) on
geological timescales, pressure variations can also be maintained on
geological timescales (Moulas et al., 2014).
3. Quantiﬁcation for systems with pressure variations
In the previous section, it has been suggested that pressure varia-
tions can be mechanically maintained on geological timescales and on
various length scales even in weak rocks. The mechanical models are
also supported by direct observations of pressure variations in natural
and experimental samples. The important question is how large the
pressure variations can be and howmuch they can inﬂuence the petrol-
ogy interpretations that are then used in geodynamic reconstructions.
In other words, how ﬂawed is the conventional constant pressure
approach. To tackle this, an appropriate thermodynamic formulation
for quantiﬁcation of microstructures reﬂecting pressure variations
must be applied and tested. Such a formulation should represent a
bridge between the likely chemical andmechanical processes involved,
and thus should allow an appropriate use of petrographic observations
for quantifying processes.
Many attempts have been made in this direction using either
equilibrium thermodynamics for thermo-barometric purposes or non-
equilibrium thermodynamics to explain steady (stationary) state sys-
tems (e.g. Fisher, 1973; Nishiyama, 1983). Furthermore, closely related
to the previous section on the effects of stress, the thermodynamic
approaches may differ based on whether hydrostatic or nonhydrostatic
conditions are assumed. Therefore, the most common thermodynamic
approaches in petrology are reviewed in the context of their applica-
tions for the systems under pressure variations.
3.1. Hydrostatic versus nonhydrostatic approaches
Classical thermodynamic calculations in petrology assume hy-
drostatic stress conditions. Hydrostatic thermodynamics creates a
basis for the most common phase equilibria quantiﬁcation methods
in petrology mentioned earlier (e.g. Connolly, 2009; de Capitani
and Petrakakis, 2010; Powell et al., 1998). In fact, all the mineral
end member properties, such as volume, in thermodynamic data-
bases are derived from experiments performed under hydrostatic
Fig. 4.Computedmodel of a polycrystalline rockunder vertical shortening. Themodelwas computedusing the codeof Räss (2013). The spatial coordinates are normalized to the size of the
model (i.e. dimensionless). The rheology is assumed to be linear viscous. a) Viscosity (η) variation amongmineral grains. All viscosities are normalized to a reference viscosity (ηref).White
arrows indicate local velocity vector. b) Differential stress (σd) computed for different parts of the microstructure. Grains with high viscosity can support higher differential stress. The
differential stress supported by the strong grain in the left, lowermost part of the ﬁgure was used as a reference (σ dref). c) Pressure deviation (δP) computed for different parts of the mi-
crostructure. The regions of small differential stress can also develop large pressure deviations. The pressure deviation is the difference from the pressure of the grain shown in the left,
lowermost part of the ﬁgure and it is normalized over the differential stress of that grain (σ dref).
Fig. 5. The effect of differential stress on the quartz (q) to coesite (coe) transition based on
Wheeler (2014). The black line is the reference at σ1= σ2= σ3 (hydrostatic conditions).
The red line represents the lower shift of the reaction due to pressure solution and the blue
line represents the shift of the reaction line based on forceful crystallization. The differen-
tial stress is assumed to be 1 kbar. The circles represent the experimental results of Hirth
and Tullis (1994). Filled circles indicate the presence of coesite preferentially forming at
faces perpendicular toσ1. Opencircles indicate thepresenceof quartz. The thermodynam-
ic calculations were done using the thermodynamic database of Holland and Powell
(1998), following the approach of Wheeler (2014).
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be then compared consistently only against calculations based on hy-
drostatic thermodynamics. However, hydrostatic thermodynamics
was derived for ﬂuids and gases (Gibbs, 1906). The question howa ther-
modynamic equilibrium between nonhydrostatically stressed solids
should be formulated has concerned researchers ever since Gibbs (for
details see the review of Paterson (1973)). Gibbs (1906) in his chapter
“On the equilibrium of heterogeneous substances” discussed the prob-
lem of equilibrium between a nonhydrostatically stressed solid and
its solution in hydrostatic ﬂuid. However, he attached a chemical po-
tential only to the dissolved substance in hydrostatic ﬂuid and not to
the nonhydrostatically stressed solid itself. As the explicit treatment
of nonhydrostatic solid-solid scenario is missing in the work of
Gibbs, many researchers have attempted to formulate the
nonhydrostatic chemical potential. However, the attempts have
been criticised as early as Verhoogen (1951) and Kamb (1961).
Pressure variations and nonhydrostatically stressed systems are
closely related to each other. A full review of the nonhydrostatic litera-
ture is beyond the scope of this work (see Grinfeld, 1991, pp. 125–132
for more details). To illustrate the relevance of nonhydrostatic thermo-
dynamics in the quantiﬁcation of petrographic observations, the most
recent nonhydrostatic contribution by Wheeler (2014) is reviewed
here. Wheeler (2014) proposed a new theory on the effects of differen-
tial stress on metamorphic reactions. This new theory suggests that a
small amount of differential stress can cause an apparent pressure
shift of a metamorphic reaction in the order of 10 times the differential
stress. For example, 0.1 GPa differential stress can result in approxi-
mately 1 GPa apparent pressure shift of the reaction line in a P-T
space. If this theory had been proved, it would have had a “dramatic”
effect on the interpretation of mineral textures that recrystallized
under any (even low) differential stress.
In order to verify the theory proposed byWheeler (2014), a calcula-
tion for a differential stress of 0.1 GPa has been performed to illustrate
its effect on the quartz-coesite reaction (Fig. 5). The calculation shows
the apparent shift of the quartz-coesite reaction fromhydrostatic condi-
tions. There are two shifts that can be observed. The ﬁrst is represented
by a precipitation of coesite during forceful crystallization (quartz
dissolves at faces perpendicular to σ3 and coesite precipitates at faces
perpendicular to σ1). The second is characterized by a pressure solution
(quartz dissolves at faces perpendicular toσ1 and coesite precipitates at
faces perpendicular to σ3). According to Wheeler, the apparent shift of
the quartz to coesite transition is approximately 10 times the differen-
tial stress value. This implies that for differential stress of 0.1 GPa, the
total uncertainty of the quartz-to-coesite transition corresponds up to
2 GPa (±1 GPa). Our calculation following the theory of Wheeler(2014) is compared with the experimental results of Hirth and Tullis
(1994). Here, we follow Feynman’s dictum that no matter how elegant
a theory is, if it disagreeswith experiment, it isﬂawed (Feynman, 1967).
Hirth and Tullis’s experiments involved the uniaxial compression of
quartzite samples under high (σ2 = σ3≈ 1.3 GPa) conﬁning pressures.
They found that coesite formed under high (σd≈ 1.5 GPa) differential
stress at the faces perpendicular to σ1 only when themaximum principal
stress (σ1) of the experiment was above the quartz-coesite transition de-
termined by hydrostatic experiments. In Fig. 5, solid dots represent the
experiments where coesite was observed in the lab in experiments
under such large differential stresses (Hirth and Tullis, 1994). Further-
more, Hirth and Tullis (1994) ran several experiments under different
stress conditions and they documented no sensitivity of the reaction loca-
tion to differential stress. The observation of coesite occurs under exactly
the samemaximumprincipal stress (σ1) as predicted by hydrostatic ther-
modynamics (see experiments at 700 °C) suggesting that in this case the
effect of differential stress did not inﬂuence the location of the equilibri-
um. In addition, it is noted that in those experiments the differential stress
wasmore than 1.5 GPa therefore the possible uncertainty in the quartz to
coesite reaction as suggested byWheeler (2014)would be in the order of
Table 1. Symbols and units.
Symbol Description Unit
T Temperature K
P Pressure Pa
R Universal gas constant J/mol/K
σxx Component of stress tensor Pa
τxx Component of deviatoric part of the stress tensor Pa
η Viscosity Pa s
Gsys Partial Gibbs energy of the system J/kg
gi Partial Gibbs energy of phase i J/kg
αi Proportion of phase i in the system – dimensionless [kg/kg]
csys Concentration (mass fraction) of a component in the
system – dimensionless
[kg/kg]
ci Concentration (mass fraction) of a component in phase
i – dimensionless
[kg/kg]
λk Lagrange multiplier for constraint k -
μ iA Chemical potential of component A in phase i J/kg
Ai Partial Helmholtz energy of phase i J/kg
Vi Partial volume of phase i m3/kg
Pi Pressure of phase i Pa
cA Molar concentration (fraction) of component A [moles/moles]
μ0 T ; Pð ÞA Standard molar chemical potential of component A J/mol
g Partial molar Gibbs energy J/mol
aA Activity of end member (component) A -
JA Mass ﬂux of component A kg/m2/s
D Diffusion coefﬁcient m2/s
ρA Density of end member (component) A kg/m3
V
A Molar volume of end member (component) A m3/mol
MA Molar mass of end member (component) A kg/mol
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experimental results suggests that the prediction of the nonhydrostatic
approach of Wheeler is highly unlikely.
The comparison above shows that, in the sense of Feynman’s dictum,
the theory of Wheeler (2014) is ﬂawed. In fact, it conﬁrms the general
weak point of many nonhydrostatic-thermodynamics formulations
that their validity has not been fully veriﬁed so far (Schmalholz and
Podladchikov, 2014). Therefore, an appropriate theory and practical
application of nonhydrostatic thermodynamics is still open.
3.2. Appropriate thermodynamic functions
In petrology, equilibrium is commonly determined by either Gibbs
or Helmholz free energy minimization depending on a particular set
of variables (i.e. in terms of P, T or V, T respectively). In the following
chapter, a constrainedminimization using Lagrangemultipliers is docu-
mented and both thermodynamic potentials are compared in order to
show their equivalence and to evaluate their suitability for systems
under a pressure variation.
Gibbs energy (G), as a function of P and T, can be used for determin-
ing the stable mineral assemblage under speciﬁed P-T conditions. The
mineral assemblage that has the minimum Gibbs energy is the stable
one (Fig. 6a). The common-tangent approach can be applied to infer
compositions of phases at the equilibrium state. The validity of such a
construction can be proved by showing its equivalence to Gibbs energy
minimization constrained by system composition using Lagrangemulti-
pliers. See Table 1 for a complete list of symbols.
The ﬁrst step is to deﬁne the Gibbs energy of the system (Gsys),
considering a two phase binary system
Gsys ¼ α1g1 þ α2g2 ð2Þ
whereα1 andα2 are themass proportions of phase 1 and 2 (i.e. twomin-
erals) and g1 and g2 are the Gibbs energies of each phase, respectively.Fig. 6. a) A diagram of Gibbs energy versus composition portraying two binary phases in
thermodynamic equilibrium. Pressure and temperature are constant. The composition of
the system is represented by Csys. In such as system, the condition for equilibrium is that
the chemical potential for the component A (μA) has to be equal in every phase. Similarly,
μB has to be equal in every phase as well. b) A diagram of Helmholtz energy versus volume
for a system (Vsys) involving two phases in thermodynamic equilibrium at constant
temperature. The minimum of Helmholtz energy in such a system is represented by the
common-tangentwhich documents that the two phases correspond to the same pressure.
Graphical correlation of the two diagrams gives eμ equivalent to –P.For the minimization, to determine the equilibrium for a speciﬁc system
composition, the following two constraints must be considered
csys ¼ α1c1 þ α2c2 ð3Þ
where csys is the chemical composition of the system and c is a chemical
composition (as a mass fraction, not the commonly used mole fraction)
of the phase with mass proportion α, and
1 ¼ α1 þ α2 ð4Þ
Now the function to be minimized is modiﬁed by introducing
Lagrange multipliers (λ1,2).
L ¼ Gsys þ λ1 α1 þ α2−1ð Þ þ λ2 α1c1 þ α2c2−csys
 
ð5Þ
Such a function can be minimized by setting the partial derivatives
with respect to the unknowns to zero and solving the system of equa-
tions. This results in six equations with six unknowns.
∂L
∂α1
¼ g1 þ λ1 þ λ2c1 ¼ 0 ð6Þ
∂L
∂α2
¼ g2 þ λ1 þ λ2c2 ¼ 0 ð7Þ
∂L
∂c1
¼ λ2α1 þ α1
∂g1
∂c1
¼ 0 ð8Þ
∂L
∂c2
¼ λ2α2 þ α2
∂g2
∂c2
¼ 0 ð9Þ
∂L
∂λ1
¼ α1 þ α2−1 ¼ 0 ð10Þ
∂L
∂λ2
¼ α1 c1 þ α2 c2−csys ¼ 0 ð11Þ
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λ1 ¼−g1 þ c1
∂g2
∂c2
λ2 ¼−
∂g2
∂c2
ð12Þ
Substitution of λ1 and λ2 into Eq. (7) leads to
g2−g1 þ c1
∂g2
∂c2
− c2
∂g2
∂c2
¼ 0 ð13Þ
Substitution of λ2 into Eq. (8) and rearranging gives
∂g1
∂c1
¼ ∂g2∂c2
ð14Þ
Therefore, at equilibrium the local slopes of the Gibbs energy of each
phase are equal. Using this by substituting Eq. (14) in (13) and
rearranging gives:
g1−g2
c1 − c2
¼ ∂g1∂c1
¼ ∂g2∂c2
ð15Þ
This is the tangent construction involving Δg/Δc as is familiar in G-C
diagrams (Fig. 6a).
Assuming that each phase is composed of chemical components A
and B and rearranging Eq. (15) for a component A gives equations for
chemical potentials (μ) of component A
g1−c1
∂g1
∂c1|ﬄﬄﬄﬄﬄﬄﬄﬄ{zﬄﬄﬄﬄﬄﬄﬄﬄ}
μA1
¼ g2−c2
∂g2
∂c2|ﬄﬄﬄﬄﬄﬄﬄﬄ{zﬄﬄﬄﬄﬄﬄﬄﬄ}
μA2
ð16Þ
To see the equivalence between chemical potentials of compo-
nent B, it is convenient to add Eq. (14) to (16). This gives (e.g. Hillert,
2007, p. 65)
g1 þ 1−c1ð Þ
∂g1
∂c1|ﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄ{zﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄ}
μB1
¼ g2 þ 1−c2ð Þ
∂g2
∂c2|ﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄ{zﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄ}
μB2
ð17Þ
The above derivation shows that the constrained Gibbs energy
minimization yieldsΔμ for each component equal to zero. Interestingly,
for a unary system, the derivative part disappears, leading to
g1 ¼ g2 ð18Þ
The Gibbs energy is particularly useful for systems with constant
pressure (and temperature). In the nonhydrostatic literature and for
isochoric systems, the Helmholtz energy (A) as a function of speciﬁc
volume or density and temperature is considered to be more appropri-
ate for a description of coexisting phases in equilibrium. For a speciﬁc
system volume lying between the volumes of the two phases being
considered, equilibrium is attained when a minimum of the Helmholtz
energy is reached (Fig. 6b). If Helmholtz energy is considered, the pres-
sure of the coexisting phases is represented by a commontangent
(Fig. 6b). In fact, under a constrained system volume, the minimum of
the Helmholtz energy (for a unary system) is analogous to the mini-
mum of the Gibbs energy constrained by the system composition. The
minimum of Helmholtz energy (A) can also be calculated via Lagrange
multipliers when, in the above shown derivation, Gibbs energy is
substituted by Helmholtz and composition by partial volume (e.g.Eq. (15)). Such a derivation leads to the same result as that with Gibbs
energy and documents the equivalence of the two functions:
A1−A2
V1 − V2
¼ ∂A1∂V1
¼ ∂A2∂V2
ð19Þ
Using the thermodynamic relationship from Fig. 6b, the derivatives
can be rewritten as
−P1 ¼
∂A1
∂V1
¼ ∂A2∂V2
¼−P2 ð20Þ
Eqs. (19) and (20) are used to give a change of Helmholtz free ener-
gy at constant temperature (e.g. Cemič, 2005; p. 167)
ΔA ¼ −PΔV ð21Þ
Considering Eq. (21) and rearranging using Eq. (20) gives
A1 þ PV1 ¼ A2 þ PV2 ð22Þ
Expression 22 gives g1 = g2 which is equivalent to Eq. (18).
Therefore, the condition for chemical equilibrium is equivalent in
both isobaric and isochoric unary systems.
In fact, minimization of Helmholtz energy predicts that the two
phases in thermodynamic equilibrium in an isochoric system have the
same pressure (Fig. 6b). Therefore, Helmholtz energy cannot be directly
applied to the description of equilibrium under pressure variations
without either an appropriate modiﬁcation (Gibbs, 1906) or an ap-
propriate constraint (Vrijmoed and Podladchikov, 2014). Gibbs (1906)
realized that the chemical potential can be inﬂuenced by external forces
such as gravity and thus he modiﬁed the equation for the chemical po-
tential by adding a gravity term. Such a modiﬁcation has been then ap-
plied to Gibbs energy (Lewis and Randall, 1923) aswell as to Helmholtz
energy for centrifugation equilibrium problems (Castier and Tavares,
2005; Espósito et al., 2000). However, the application has focusedmost-
ly on ﬂuids, proteins and gases with the assumption of continuous pres-
sure at equilibrium (Gibbs, 1906). In solid phases, such as in rocks,
pressure can be discontinuous as shown in the ﬁrst part of this work.
Therefore a complementary approach to the modiﬁcation of the ther-
modynamic potentials under pressure variations would be a use of the
already existing formulations (Gibbs, 1906) only requiring the removal
of the constraint of constant pressure (Tajčmanová et al., 2014). In fact,
the Gibbs energy as a function of pressure is more convenient for a sys-
tem under pressure variations than Helmholtz energy because it re-
quires no modiﬁcation of the current input data in petrology
modelling (i.e. internally consistent thermodynamic datasets and activ-
ity models). The Gibbs energy can be then minimized to consider phase
relationships under pressure gradients, if it is appropriately constrained
(Vrijmoed and Podladchikov, 2014).
3.3. Equilibrium versus stationary state
In petrology, three distinct views for quantiﬁcation of a microstruc-
ture are used – an equilibrium view, a stationary (steady) state view
and a sluggish kinetics (thermal closure) view. An equilibrium view
builds a basis of thermobarometric methods (i.e. no macroscopic mass
ﬂuxes), assuming that the equilibrium relationships are preserved
during cooling. The steady-state view has its application in diffusion-
controlled microstructures and geospeedometry and assumes diffusion-
controlled closure during cooling. For selecting appropriate thermody-
namic formulations for systems with pressure variations, it is essential
to highlight the differences between equilibrium and steady state,
i.e. for states above the closure temperature of the systemduring cooling.
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(1906) is characterized by homogeneity of the thermodynamic poten-
tials (i.e. pressure, temperature and chemical potentials are constant;
e.g. Callen, 1985; Kondepudi and Prigogine, 1998). If a heterogeneous
system is considered, such as when several minerals occur together in
a rock, it can be split into several local domains in which P, T and μ are
well deﬁned (shown as boxes in Fig. 7). Such a domain is then referred
to as being in local thermodynamic equilibrium. Thermodynamic equi-
librium is represented by the absence of macroscopic ﬂuxes, zero entro-
py production and the Gibbs energy is at a minimum (Fig. 7a). A special
case of thermodynamic equilibrium is equilibriumunder external forces
(e.g. a ﬂuid under gravity; Gibbs, 1906; Landau and Lifshitz, 1987). Such
an equilibrium is characterized by gradients of thermodynamic poten-
tials (e.g. pressure) while keeping zero macroscopic ﬂuxes (Fig. 7b;
Landau and Lifshitz, 1987, p. 236). To account for the gradients requires
an independent mechanical model complementary to the thermody-
namic treatment of such equilibrium. Consider as an example a glass
of water in a gravity ﬁeld. The pressure will change linearly with
depth but this does not mean that the glass of water cannot be in
thermodynamic equilibrium. The equilibrium under external forces is
useful for treating solids, where for mechanical reasons variations inFig. 7. The difference among a) classical thermodynamic equilibrium; b) equilibrium
under external forces (pressure variation) and c) stationary state for a system with pres-
sure variation. Each box represents a local equilibrium domain with deﬁned P, T and μ.
Thermodynamic equilibrium is achieved when entropy production is zero. The necessary
condition for this equilibrium is that the local ﬂuxes ( J) and their divergence are zero. The
stationary state is characterized by zero ﬂux divergence but non-zero macroscopic ﬂuxes
between boxes.pressure are expected under the assumption that viscous relaxation is
slow.
Conversely, a system can be in a stationary state (i.e. not evolving
with time) while gradients of thermodynamic potentials are main-
tained (e.g. pressure, temperature). The difference between an equi-
librium state and a stationary state is deﬁned in terms of whether
entropy production is involved. In a stationary state the divergence of
theﬂuxes is zero, but not theﬂuxes between the locally equilibrated do-
mains themselves (Fig. 7c). This results in non-zero entropy production
(e.g. Moore, 1962).
The important step in understanding the phase relationships and
behaviour in systems under grain-scale pressure variation is to focus
on equilibrium thermodynamic formulations. The petrology relevance
then lies in the thermobarometricmethods and phase equilibriamodel-
ling that can then be applied.3.4. Equilibrium under pressure gradients
Several specialised analyses of species segregation in biotechnology,
chemical engineering and for deep-oil reservoirs use an equilibrium for-
mulation for calculating compositional gradients either under external
forces such as gravity which may be responsible for the maintenance
of a pressure gradient or due to an osmotic pressure difference through
a semipermeable membrane (Espósito et al., 2000; Gibbs, 1906; Landau
and Lifshitz, 1987; Martins et al., 2005; Miller, 1956; Müller and Weiss,
2012; Savenko and Dijkstra, 2004; Wensink and Lekkerkerker, 2004;
Young et al., 1954). In these analyses, the principles of energy, momen-
tum and mass conservation are followed. A geologically relevant appli-
cation of the aforementioned approach is the calculation of mineral
equilibria under mechanically-imposed grain-scale pressure variations
as considered in this review.
Similarly to the centrifugation effects mentioned above, a mechani-
cally–maintained pressure variation is likely to cause a redistribution
of components in minerals, with higher density minerals and mineral
compositions developing towards the higher pressure. Therefore, a
chemical zonation can occur as a result of variation in pressure under
thermodynamic equilibrium if the pressure gradient is maintained.
The classical petrology view focuses only on spatial chemical variations
among mineral phases under the assumption that rocks are weak and
that pressure is uniform among grains (Fig. 8a). Then these chemical
variations are assumed to reﬂect variation in chemical potential and
the zoned minerals suggest that chemical equilibriumwas not attained
(Fig. 8a). Such a systemmay then be treated as a (preserved) stationary
state in order to be quantiﬁed (e.g. Fisher, 1973; Joesten, 1977;
Nishiyama, 1983). Moreover, the zoned microstructure can be used as
a geospeedometer if assumed to be “frozen” due to sluggish kinetics
(e.g. Lasaga, 1998). On the contrary, spatial variations in pressure, at
mechanical equilibrium, lead to a chemical zoning in minerals
(Fig. 8b). Such a system can be at thermodynamic equilibrium with
the chemical variation, as long as the pressure variation is maintained.
A geologically relevant example of such a thermodynamic equilibri-
um under external forces has been recently presented by Tajčmanová
et al. (2014). In theirwork, the apparent disequilibriumchemical zoning
of plagioclase was explained using equilibrium thermodynamics under
an externally imposed pressure gradient between kyanite and the sur-
rounding low-pressure matrix (Fig. 8c). Such an explanation assumes
diffusional ﬂuxes to be zero across the chemically zoned plagioclase
grain when the equilibrium was established at high temperature. The
thermodynamic treatment at zero ﬂux requires an appropriate use of
chemical potential. The unconventional barometer based on the chem-
ical zonation proposed by Tajčmanová et al. (2014) predicts 0.8 GPa of
pressure difference across the plagioclase grain, between the kyanite
and the low pressure matrix, for the example considered. The uncon-
ventional barometer is the result of an equilibrium thermodynamics ap-
proach independent of rheological or kinetic parameters.
Fig. 8. a) Spatial chemical variation (gray-shading) is assumed to reﬂect a variation in chemical potential difference between component A and B. Such an interpretation characterizes
disequilibrium. b) Chemical zoning reﬂecting a spatial variation in pressure as a result of mechanical equilibrium. c) A plagioclase reaction rim between high-pressure (HP)
and low-pressure (LP) phases (modiﬁed after Tajčmanová et al., 2011).
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ent on the chemical zoning in a mineral, a binary example of diffu-
sion transfer of albite and anorthite components in plagioclase
associated with kyanite (as in Fig. 8c) is considered. The approach
is comparable to density redistribution due to pressure controlled
mass transfer at centrifugation equilibrium described in the works
mentioned earlier. The example is represented by a series of snap-
shots with a ﬁnal achievement of a equilibrium state. The reason
for the pressure gradient as well as the modiﬁcation of chemical po-
tential is beyond the scope of this review with details to be found in
Tajčmanová et al. (2014).
In a binary system, the amount of one of the two components is
independent. For the derivation below, A is assumed to be the inde-
pendent chemical component. See Table 1 for a complete list of sym-
bols. The various forms of chemical potential (molar and mass,
respectively) for component A in a phase are (e.g. Cemič, 2005;
Powell, 1978):
μA ¼ g þ 1−cA
  ∂g
∂cA
¼ μA0 T ; Pð Þ þ RT ln aA
 
≈ μA0 T ; Pð Þ þ RT ln cA
 
|ﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄ{zﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄ}
ideal
molarð Þ
μA ¼ g þ 1−cA
  ∂g
∂cA
¼ μA0 T; Pð Þ þ
RT ln aA
 
MA
≈ μA0 T; Pð Þ þ
RT ln cA
 
MA|ﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄ{zﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄﬄ}
ideal
massð Þ
8>>>><>>>>:
ð23Þ
where a is activity (effective concentration) of an end-member or a
component, c is chemical composition of an end-member or a com-
ponent (for details see e.g. Cemič, 2005). The bars are used for
molar quantities. Note that apart from the units, the only difference
between the molar and mass formulation is the division of the loga-
rithmic term by molar mass (i.e. MA for component A). The approxi-
mate equality in Eq. (23) is for an ideal model.
The composition-independent part of the chemical potential (μ0) is
a function of pressure and temperature but not composition. If equilib-
rium at constant pressure and temperature is assumed across a rock
sample, then μ0 is constant spatially. However, the P dependence of μ0
becomes important for chemical redistribution in mineral grains with
externally imposed spatial pressure variation (as in Fig. 8b) because
the volume of minerals (and therefore μ 0) change with pressure.
When mass transfer is taken into account, mass conservation requires
(de Groot and Mazur, 1962; p. 340):
ρ
dcA
dt
¼−∇ JA ð24Þ
where cA is the concentration (mass fraction) of the component A in the
solution and JA is the mass ﬂux of that component. The commonly usedexpression for the ﬂux (c.f. Nauman and He, 2001) which is compatible
with zero gradient of chemical potential at equilibrium is:
JA ¼− ρ
RT
DMA cA∇μA ð25Þ
The expression ismultiplied by ρRT in order to be in agreement with
classical Fickian diffusion. The diffusion coefﬁcient (D in m2/s) is
then treated as a linear proportionality factor between ﬂux of mass
and chemical potential gradient. The diffusion coefﬁcient will affect
only the time needed for the system to reach equilibrium so its abso-
lute value is not important for controlling the chemical zoning at
equilibrium. The key idea is that the pressure dependence of chemi-
cal potential (Eq. (23)) is involved in the diffusion ﬂux equation
(Eq. (25)):
JA ¼− ρ
RT
DMA cA
∂μA
∂cA
∇cA þ ∂μ
A
∂P ∇P
 !
ð26Þ
Therefore, for a binary systemwith components A and B and follow-
ing the appropriate deﬁnition of chemical potential for systems with
pressure variation, theﬂuxes for the case of a solid showing idealmixing
are:
JA ¼−ρD ∇cA þ cAMA ∂μ
A
0
∂P
∇P
RT
 !
JB ¼−ρD ∇cB þ cBMB ∂μ
B
0
∂P
∇P
RT
 ! ð27Þ
The derivative of the standard partial Gibbs energy (μ0) with respect
to pressure multiplied by the molar mass (MA) is equal to the partial
molar volume. Therefore, Eq. (27) become
JA ¼−ρD ∇cA þ cA V
A∇P
RT
 !
JB ¼−ρD ∇cB þ cB V
B∇P
RT
 ! ð28Þ
where V is a molar volume of an endmember. In chemical equilibrium,
these ﬂuxes and their summust be equal to zero (see stationary versus
equilibrium section). However, the equilibrium relation for a system
under pressure variations leads to an inconsistency.
0 ¼ JA þ JB ¼−ρD
RT
cAVA þ cBVB
 
∇P≠0 ð29Þ
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gradients of chemical potentials under pressure variations are not
zero, in equilibrium, only the gradient of their difference is equal to
zero Tajčmanová et al. (2014). This requirement must be implemented
into the ﬂux equation (Eq. (25)) so that the sum of the ﬂuxes is zero in
equilibrium. Therefore, the expression for ﬂux compatible with such an
equilibrium, is:
JA ¼− ρ
RT
DcAcB
MAMB
MAcA þMBcB∇ μ
A−μB
 
: ð30Þ
In addition, there is also an inconsistency related to the assumption
of equality of mass and molar concentrations. In fact, Nauman and He
(2001) also reported that the assumption of equal molar counter-
diffusion can be grossly incorrect, for example, in polymers systems. In
petrology, due to similarity of molar volume for common minerals,
themolar reference frame is assumed to be a reasonable approximation
(e.g. Loomis, 1978). However, this approximation cannot be generally
applied as shown below. Careful treatment of the mass and molar con-
centrations has been described for instance in de Groot and Mazur
(1962), McLellan (1980), Thomas (1993) and Kuiken (1994). For exam-
ple, in the case of an ideal binary system, the above ﬂux equation
(Eq. (30)) after the substitution of Eq. (23) has different mass versus
mole forms under a pressure gradient:
JA ¼−ρD ∇cA þ∇P
RT
VA−VB
 
cAcB
 
molarð Þ
JA ¼−ρD ∇cA þ∇P
RT
VA−VB
 
cAcB
MAMB
MAcA þMBcB
 !
massð Þ
8>><>>: ð31Þ
The relatively complexmultiplier M
AMB
MAcAþMBcB
 
in front of the gradient
of the chemical potential difference in Eq. (30) was chosen to be consis-
tent with the Fickian behavior. At constant pressure, substitution of the
ﬂux expression into the mass balance equation Eq. (24) and assumingFig. 9. a)Molar volumes (J/mol/bar) and b) density (kg/m3) of albite and anortite endmembers
imately the same. On the contrary, when converted to mass (kg), a signiﬁcant difference (abo
involved in the equation for ﬂuxes (Eq. (30)).constant density and equality of molar and mass concentrations yields
the classical Fickian diffusion limit:
dcA
dt
¼ ∇ D∇cA
 
ð32Þ
At equilibrium under pressure gradients:
1
cAcB
∇cA ¼− VA−VB
 ∇P
RT
molarð Þ
MAcA þMBcB
MAMBcAcB
∇cA ¼− VA−VB
 ∇P
RT
¼− 1
ρA
− 1
ρB
 ∇P
RT
massð Þ
8><>:
ð33Þ
Eq. (33) shows that, in equilibrium, gradients in composition are
balanced by gradients in pressure. The coefﬁcient in front of the compo-
sitional gradient (left hand side of the Eq. (33)) is always positive. The
trend of compositional zoning is then controlled by the sign of the
molar volume anddensity difference inmolar andmass formulation, re-
spectively. Therefore the prediction of the zoning trend as a response to
an externally imposed pressure gradient may lead to different results
depending on which of the two formulations is used. Interestingly, the
sign of the molar volume and the density difference can be opposite
(e.g. Fig. 9). Furthermore, Fig. 9 shows a ﬂip in molar volume of albite
and anorthite at 15 kbar pointing to a dependence on the absolute P-T
conditions as well. Therefore, the use of appropriate units in the equa-
tions for ﬂuxes for a system under pressure variation is essential. The
plagioclase example shows that even though the molar volumes are al-
most identical, the conversion to mass units leads to radical changes.
Such a difference between molar volume and mass can also be found
for the grossular and pyrope end-members in garnet.
To show the consequences of the abovementioned approach, a sim-
ple numerical simulation is presented. Eqs. (24) and (30) are combined
in order to solve the composition evolution of a solution over time. In
the case of a binary mixture, such as plagioclase, A = Ab (albite) and
B= An (anorthite). This means that only one diffusion equation has to
be solved to describe the evolution of the system. In order to solve the(taken Holland and Powell, 1998). Themolar volumes of albite and anorthite are approx-
ut 6%) between the two end members is obtained. Such a magnitude is important when
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employed (e.g. Anderson, 1995). An externally imposed pressure proﬁle
predicted by the unconventional barometer of Tajčmanová et al. (2014)
and constant temperature throughout the plagioclase is assumed
(Fig. 10). No ﬂux of material at the left boundary and ﬁxed composition
at the right boundary are taken as boundary conditions. One composi-
tional variable (cAb) is explicitly solved for both models as constrained
from plagioclase composition (i.e. cAb + cAn= 1). The chemical poten-
tials are calculated using the thermodynamic database of Holland and
Powell (1998 updated 2003) and the solid solution of plagioclase as in
(Fuhrman and Lindsley, 1988). Diffusion coefﬁcient (D = 10-21) was
chosen to be close to the real value (Yund, 1986) at temperature of
800 °C.
If pressure variation is imposed in an initially chemically homo-
geneous plagioclase grain, there is a driving force for diffusion
(Fig. 10a,b). This is due to the functional dependence of the chemical
potentials on pressure shown earlier. The non-zero chemical potential
difference leads to the development of a diffusion ﬂux (at t = 13 kyr)
which is responsible for creating a chemically zoned proﬁle in plagio-
clase (Fig. 10a). At a given time (t = teqN N 13 kyr), chemical diffusion
brings the system to the equilibrium state (Fig. 10c,d). Under these con-
ditions, diffusion ﬂuxes are zero but the plagioclase grain is not homog-
enous in composition. If the pressure gradient had been removed then,Fig. 10. Results of the numericalmodel illustrating thedevelopment of equilibrium inplagioclas
the “unconventional” barometer of Tajčmanová et al. (2014). a) Chemical composition of plag
across the rim (Tajčmanová et al., 2011, 2014). The blue proﬁle is the initial proﬁle for t = 0
inset. b) Chemical potential difference (Δμ= μ Ab−μ An) across plagioclase for the time 13 kyr
calculated at temperature of 800 °C. c) As in (a) for t = teq≈ 317 kyr. At teq the diffusion h
Note that the chemical potential difference is constant in space, but the individual chemical pothe diffusion process would have started to operate again, driven by
concentration gradients.
4. Concluding remarks
The metamorphic rocks produced in orogenic belts are a key to un-
derstanding the processes operating in the Earth’s interior. Pressure is
an important quantity that controls metamorphic reactions. Pressure
estimates also provide constraints on geodynamic reconstructions.
Depth estimates madewith the lithostatic formula (P= ρgh) are incor-
rect if the thermodynamic pressure estimate deviates signiﬁcantly from
the lithostatic pressure (N20%, e.g. Schmalholz et al., 2014b). Such a de-
viation can be evaluated, for instance, by careful comparison of meta-
morphic records with structural ones (Pleuger and Podladchikov,
2014). Therefore, in order to generate physically consistent geodynamic
reconstructions and to understand crustal/lithospheric deformation, it
is essential to have physically consistent interpretations of petrographic
observations. New observations show that mechanically maintained
pressure variations are signiﬁcant (~1 GPa) even on a micrometre-
scale. In this review, it has also been shown that it is mechanically feasi-
ble to maintain such pressure variations at geological time scales. How-
ever, such pressure variations have not been properly considered in
conventional petrology quantiﬁcation approaches. When attemptinge under an externally imposed pressure gradient. The numerical setup follows the results of
ioclase as a function of distance. Black dots represent measured plagioclase compositions
. The red proﬁle is after ca 13 kyr. The pressure proﬁle across the grain is shown on the
. The chemical potentials are plotted separately in the inset. The chemical potentials are
as stopped and the system reached equilibrium. d) As in (b) but for t = teq≈ 317 kyr.
tentials are not. Abbreviations: Ab = albite; An= anorthite.
349L. Tajčmanová et al. / Lithos 216–217 (2015) 338–351to apply currently available thermodynamic methods to describe
and interpret rocks that involve grain-scale pressure variations,
petrologists face fundamental problems. For example, the UHP observa-
tions such as coesite in Dora Maira (Chopin, 1984) need not necessarily
correspond to large depths. In fact, they can be a result of a local UHP
pressure perturbation in a rock mass (e.g. Vrijmoed et al., 2009). Such
an interpretation is supported by models of Schmalholz et al. (2014b).
They show that crustal rocks can reach UHP conditions (2.5-3 GPa)
even under middle crustal conditions. If such a local pressure perturba-
tionwas converted to depth, the error in a depth estimatewould be big-
ger than a typical thickness of the whole continental crust (Fig. 11).
Therefore, in the absence of an appropriate quantiﬁcation approach,
errors from the P-T estimates can thenpropagate to geodynamicmodels
and hence can confuse our understanding of the global processes in
Earth’s crust.4.1. The quantiﬁcation dilemma
Most effort in quantifying consideration of systems with large
volumetric changes during metamorphic reactions has focused mostly
on the contribution of nonhydrostatic stress to the energetics (e.g.
Dahlen, 1992; Fletcher and Merino, 2001; Kamb, 1961; Wheeler, 1987,
2014). However, the direct contribution of nonhydrostatic stress to
the internal energy is likely to be small in comparison with how signif-
icant the effect of pressure variations on results from metamorphic
phase equilibria modelling may be (Connolly, 2009).
Unfortunately, as shown in thiswork, none of the nonhydrostatic the-
ories for solid-solid equilibrium have been fully proved by experiment or
natural observations so far. A question is whether it is really unavoidable
to apply nonhydrostatic thermodynamics for nonhydrostatically stressed
solids. Interestingly, an alternative explanation of the coesite/quartz ex-
periment of Hirth and Tullis (1994) based on heterogeneous pressure
distribution in the grain scale was proposed by Moulas et al. (2013);
see also Schmalholz and Podladchikov (2014). Moulas et al. (2013) sug-
gested that the newly grown coesite in theHirth and Tullis’s experiments
grew under low differential stress. By having small differential stress,
coesite crystals growing in faces oriented perpendicular to σ1 have
mean stress close to the value of σ1 due to force balance (see Fig. 5
in Moulas et al., 2013). In fact, crystals having small differential stress
will have lower energy and therefore are energetically favourable. There-
fore, the hydrostatic approach seems to bemore plausible solution rather
than the complex nonhydrostatic theories. This suggests the classical
approach of Gibbs (1906) to be applicable also in nonhydrostatic solids.Fig. 11. Sketch of a subduction setting illustrating the error related to the wrong interpre-
tation of UHP observations. See the work of Schmalholz et al. (2014b) for more speciﬁc
example on the tectonic interpretation of the Dora Maira UHP occurrence.Most of the previous equilibrium quantiﬁcation approaches aim to
combine both processes, mechanical and chemical, into one equation.
This seems to be unnecessarily difﬁcult especially for rocks with solid
solutions. The new direction, the application of equilibrium under a
pressure gradient, introduced by Tajčmanová et al. (2014) suggests
splitting the problem into two parts. First, a rigorous mechanical
model predicting the pressure variation should bemade independently.
Then a chemical equilibrium formulation which couples pressure and
density is superimposed on it. The equilibrium under pressure varia-
tions is also independent of the hydrostatic and nonhydrostatic dilem-
ma. Similarly to pressure variation in a glass of water or in the
atmosphere, pressure gradients can be treated as a hydrostatic problem.
The next step in the quantiﬁcation procedure is to develop a methodol-
ogy for minimizing Gibbs energy involving constraints that allow calcu-
lation of phase equilibrium diagrams for systems with heterogeneous
pressures (Vrijmoed and Podladchikov, 2014).4.2. Future work
The recent analytical and theoretical advances imply that petro-
graphic observations should be reconsidered in the light of pressure
variations. Possible spatial pressure gradients must be carefully docu-
mented. This, on the one hand, opens new horizons in metamorphic
petrology but, on the other hand, it can bring some uncertainties into
the currently common assumptions, such as pressure-to-depth conver-
sion. In fact, if all observations are treated only by conventionalmethods
based on the constant pressure assumption, the interpretationsmay not
represent the appropriate mechanism explaining the microstructure.
Considering pressure variations as the other possible interpretation
(for details see Tajčmanová et al., 2014), an alternativemodel for thede-
velopment of petrographic observations can be inferred. Furthermore,
such variations can be mechanically maintained over several million
years. Natural observations most probably reﬂect a combination of the
two end-members. In fact, in cases where the conventional approach
gives physically feasible results with respect to a regional geology set-
ting, it can be assumed as an appropriate solution. However, in cases
where there is a clear evidence of a spatial pressure variation just simply
based on the petrographic observation of high-pressure and low-
pressure phases in one thin-section, an alternative approach should be
considered. Moreover, we can have observations where the originally
maintained pressure variation was mechanically removed during the
geological evolution of the rock and the classical diffusion takes place
(Moulas et al., 2015). Therefore, both quantiﬁcation directions need to
be taken into account in petrology interpretations. The approach that al-
lows for full understanding of the observations is then themost suitable
one.Moreover, ignoring the presence of pressure variations in petrology
quantiﬁcationmay also inﬂuence directly the interpretations not only in
UHP terrains but also in regional metamorphic terrains. For example, it
is commonly interpreted that preservation of key phases outside their
stability ﬁelds is due to sluggish kinetics or reaction overstepping
(Carlson, 2002; Kelly et al., 2013; Pattison et al., 2011). In fact, mechan-
ically maintained pressure variations can be suggested as an alternative
explanation. Such variations may be responsible for the preservation of
the phases apparently outside their stability ﬁeld.
The observed variations in metamorphic grades due to the pres-
sure variation in the same depth would not then be suitable for
pressure-to-depth conversion. Ignoring such pressure variations in
petrological analysis can lead to large errors in depth estimates
(Fig. 11). However, they might provide important indications on
differential stress and strength variations in a rock. Therefore, the future
research in this direction may focus on how the pressure variation can
be used to constrain rheology properties directly from natural micro-
structures. The UHP observations would not then lose their importance
but might play a different role in geodynamic reconstructions (Yang
et al., 2014).
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